Introduction
[2] The distinctly different geochemical signatures of ocean island basalts (OIB) and mid-ocean ridge basalts (MORB) suggest that chemically distinct reservoirs exist within the Earth's mantle [e.g., Hofmann, 1997] . One reservoir would supply MORBs, while a distinct, or several distinct, reservoirs could feed OIBs. The heat flow generated by a mantle with a potassium, thorium, and uranium content equal to that of the MORB source would be considerably less than the heat flow currently observed, suggesting the existence of an isolated mantle reservoir enriched in radiogenic elements [e.g., Becker et al., 1999; Kellogg et al., 1999a] . The mid-ocean ridges would then sample the depleted reservoir, whereas the enriched reservoir(s) would have remained largely unsampled by the ridges. Unfortunately, several uncertainties exist. The heat flux from the core into the mantle has remained enigmatic, and geochemical data and heat flow constraints confine neither the location nor the geometry of the geochemical reservoirs. Moreover, it is not required that the geochemical and radiogenic reservoirs are identical [e.g., Davies, 1999; Albarède and van der Hilst, 1999; Tackley, 2000] nor is it obvious if and how they could be detected seismologically.
[3] Dividing the mantle into geochemical reservoirs with a reservoir boundary at 660 km depth has long been one hypothesis; however, this idea has become virtually untenable with the tomographic evidence for slabs flowing across the 660 km discontinuity into the lower mantle [e.g., Creager and Jordan, 1986; Grand et al., 1997] . However, downwelling slabs may supply the lowermost mantle with a unique geochemical signature [e.g., White and Hofmann, 1982; Christensen and Hofmann, 1994] , although this process does probably not produce sufficient enrichment to satisfy the mass balances [Albarède and van der Hilst, 2002] . Recent hypotheses to explain the geochemical and heat flow observations include both reservoirs of undepleted, chemically distinct material in viscous blobs [Becker et al., 1999] and a chemically distinct reservoir starting at a depth deeper than 660 km Tackley, 1998; Kellogg et al., 1999a; van der Hilst and Kárason, 1999; Davaille, 1999] (see Albarède and van der Hilst [1999] and Tackley [2000] for reviews) (Figure 1) .
[4] One-dimensional (1-D) velocity profiles such as iasp91 [Kennett and Engdahl, 1991] and PREM [Dziewonski and Anderson, 1981] represent laterally averaged earth structure and model the mantle from 760 to 2740 km depth as a region of smoothly increasing wave speeds and densities. Taken at face value, this implies that either (1) neither mineralogical phase changes nor chemical changes occur within this depth range; (2) if a change does occur, the resulting wave speed and density changes are small enough to have avoided detection; or (3) the model parameterization (i.e., low order polynomial expansion) precludes proper representation of steep but otherwise subtle gradients in the lower mantle.
[5] Neither the blob nor any of the deep geochemical reservoir hypotheses would necessarily predict a distinct structure in radial earth profiles. Mantle flow would control the locations of blobs throughout the mantle and these structures need not contribute to a signal in 1-D seismic profiles. A deep geochemical reservoir would be stable at the base of the mantle only if its intrinsic density is greater than the overriding layer [Sleep, 1988] . If the deep reservoir is also enriched in radiogenic elements it would heat up and either remain marginally denser than the overlying mantle [Tackley, 1998; Kellogg et al., 1999a] , with a possibly oscillatory time dependence [Davaille, 1999] , or become positively buoyant [Forte and Mitrovica, 2001] , in which case, however, it is hard to explain the long residence times implied by geochemical mass balancing [e.g., Hofmann, 1997] . In a convecting mantle, an inter-layer boundary with a small density contrast could develop considerable dynamic topography (>100 km) and would not necessarily be discernible in one dimensional (1-D) velocity models.
[6] Three-dimensional tomographic inversions of global travel times, such as the first arriving P phase, could reveal different mantle domains if the volumetric wave speeds are different, such as the joint use of P and S wave inversions for variations in composition or temperature [e.g., Kennett et al., 1998; Masters et al., 2000; Saltzer et al., 2001; Forte and Mitrovica, 2001] . While these studies have begun to reveal compositional heterogeneity in the lowermost mantle, the location of and total volume of the mantle involved in these distinct domains is still highly uncertain. Moreover, 3-D tomographic imaging with transmitted body waves is not well suited to characterizing the depth, orientation, and impedance contrast of any interfaces between such domains.
[7] In contrast to transmission topography, ''scattering tomography'' seeks to image sharp structures along ray paths, such as a boundary between geochemical reservoirs or slab debris settling atop a boundary. Scattered, reflected, and converted phases have been used to image structures in the transition zone [e.g., Castle and Creager, 1998 ] and in the lowermost mantle [e.g., Hedlin et al., 1997] . Furthermore, local scattering structures have been imaged at 920 km depth under the Indonesian slab [Kawakatsu and Niu, 1994] , at 1000 km depth near the Izu-Bonin trench [Niu and Kawakatsu, 1997; Castle and Creager, 1999] , and at 1600 km in the Marianas region Helffrich, 1998, 1999] . To search for signs of wave field scattering indicative of lower mantle structure in the depth range 800-2000 km, we examined short-period, vertical component seismograms from deep earthquakes beneath the convergent margins of the western and northwestern Pacific, Tonga/Fiji, and South America recorded at the dense Pacific Northwest Seismic Network (PNSN). By stacking and migrating the data on an earthquake-by-earthquake basis we were able to examine specific regions of the lower mantle without averaging over large volumes.
Searching for Deep Structure
[8] We considered several methods in our search of blobs or subhorizontal discontinuities in the middle mantle (800-2000 km). Similar to studies of the 410 and 660 discontinuities [e.g., Shearer, 1991] we have stacked global data and searched for precursors to phases such as PP and SS. Unfortunately, precursors that would come from middle mantle depths arrive simultaneously with other phases and we detected no convincing precursor off structure between 660 and 2000 km depth. Similarly, stacked ScS reverberations sampling the western Pacific region show no signs of a constant-depth interface at large depth [Revenaugh and Jordan, 1991] . These results render it unlikely that a horizontal global discontinuity exists in the middle mantle. Two-layer mantle model vertically divided at some depth, possibly near 1700 km, in the lower mantle with considerable topography [Kellogg et al., 1999a] . (b) Homogeneous whole mantle containing chemically heterogeneous blobs of varying size [Becker et al., 1999] . Superimposed on both models are the schematic ray paths of the P, pP, and S 1700 P for a 500 km deep earthquake recorded at 80°distance.
However, depending on the frequency of waves used, the signal from a structure with over $50 km of vertical topography would stack incoherently and not be discernible.
[9] We also employed methods that examine specific geographical regions of the mantle. Receiver functions use P-to-S conversions under seismic stations to image deep structures, such as the 410 and 660-km discontinuities [e.g., Vinnik et al., 1997] . Unfortunately, the surface reflected PP arrives in the time window expected for P-to-S conversions at depths between 1000 and 2000 km, and the larger amplitude of PP would mask any signals from a deeper structure.
[10] Previously, we, and others, have used S-to-P phase conversions successfully to image the 660-km discontinuity and deeper structures [e.g., Castle and Creager, 1999] . The phase S 660 P leaves an earthquake as an S wave, converts to a P wave at the 660-km discontinuity, and continues to the receivers following a path similar to the direct P wave. On individual records, the near-receiver reverberations are much larger than the S 660 P signal. But unlike near-receiver reverberations, the S 660 P signal arrives coherently across the entire network. Thus by stacking seismograms from dense seismic networks one can identify S 660 P and determine its arrival time, slowness, and back-azimuth. Combined with knowledge of the earthquake hypocenter and the seismic wave speeds, the discontinuity depth can be inferred from the S 660 P-P delay time. Similarly, one can search for structure at greater depths (S X P) and, by looking for arrivals off the great circle path, search for nonhorizontal, dipping structures.
[11] While this method has been successfully used with data from shallow earthquakes (<50 km) [Castle and Creager, 1998 ], the coda from earlier arriving depth phases, pP and sP, lowers the detection level of potential S X P signals. An advantage of this method is the good slowness and azimuth resolution that one can obtain with large numbers of seismograms from a dense, large aperture seismic network. Importantly, if the mantle density increases while the velocity decreases across an interface, the impedance change could potentially be zero. Unlike reflected waves, however, S-to-P conversions are essentially sensitive to ÁV s only and not the impedance change [Castle and Creager, 2000] . Finally, the method does not average over wide regions but instead provides an image of local structure, which is important for imaging a boundary that may have considerable topography. While a boundary with local dip >30°in an unfavorable orientation would go undetected, by examining regions individually, we should be able to detect regions with local dips <30°.
Data and Methodology

Processing
[12] Figure 2 shows seismograms from a Tonga/Fiji earthquake recorded at PNSN. To focus on small-amplitude phases in the P coda we used the procedure employed by [Castle and Creager, 2000] : band-pass filter the data at 2 -5 s, align them on the P wave, delete signals with low signalto-noise ratios, and phase-weight stack [Schimmel and Paulssen, 1997] . Nonhorizontal, 3-D structure on a discontinuity will generate seismic phases that propagate out of the great circle path and at slownesses different from the Pwave slowness and back-azimuth. By adding time shifts to each seismogram based on its distance and azimuth and then stacking the data, we used the seismic network as an antenna looking into the Earth to search for phases arriving from different directions. We have previously been able to identify signals coming from structures dipping at angles as steep as 30°[see Castle and Creager, 1998 ].
Synthetic Data
[13] Figure 3 shows synthetic seismograms and stacks of them at various slownesses along the earthquake/receiver great circle path (a vespegram). For this event, event 1 in Table 1 , pP arrives about 125 s after the P wave at a slowness 0.6 s deg À1 greater than the P wave, which is consistent with the shallower turning point. Figures 3c and  3d show the slowness and azimuth energy arriving in a 20 s time window centered on the P wave and in a time window from the theoretical S 1600 P time to the S 1900 P time. Note that in all of the following figures the second time window always stops at least 10 s before pP to avoid interference from this signal.
[14] The synthetic seismograms were created with the WKBJ algorithm [Chapman et al., 1988] , using the iasp91 velocity model [Kennett and Engdahl, 1991] and the PREM density model [Dziewonski and Anderson, 1981] , both modified to include a 2% jump at 1700 km. We verified that other models, such as only PREM or ak135 [Kennett et al., 1995] , yield similar results. The synthetics included the P, pP, s 410 P, p 410 P, S 660 P, and S 1700 P phases. s 410 P is an upgoing S wave that reflects and converts off of the 410-km discontinuity above the earthquake. Similarly, p 410 P leaves the earthquake as an upgoing traveling P wave that reflects at 410 km. S 660 P is not seen for deep earthquakes since it arrives within 5 s after the P wave.
[15] Normalizing amplitudes from earthquake to earthquake is often frustrating. Confounding this affect is that a given earthquake will differentially emit P and S energies. With the risk of amplifying noise, we initially normalized all seismograms on the P wave and afterwards normalized later time windows on the expected amount of S wave energy to better show small amplitude arrivals. The time Light lines plot the expected arrival times and slowness of upgoing p x P phases, upgoing s x P phases, and downgoing S X P phases. Diamonds mark the arrival times and slownesses of conversions off of 200 and 400 km ( p x P and s x P) and 800, 1000, 1200, 1400, 1600, 1800, and 2000 (S xx P). (c) The slowness an azimuth of energy arriving in a time window around the P wave. Dark blue diamonds mark the slowness and azimuth of the largest arrival in the time window. (d) As for Figure 3c but for a time window from the theoretical S 1600 P arrival time to the earlier of the S 1900 P arrival time or 10 s before the pP phase. window starting 15 s after the P wave to 10 s before the pP wave is amplified. We determined the amplification factor by calculating the ratio of S to P energy for a given earthquake at both the S 1700 P and P slownesses, respectively, using the USGS moment tensors [Sipkin, 1986] and increased the amplitudes within the time window by an empirically chosen factor of 500 divided by the S-to-P ratio. By dividing by the S-to-P ratio, the S X P time window is amplified more for earthquakes from which we expect small S X P arrivals. Note that this is a large amount of amplification, larger than in comparable studies, in an attempt to show any structure at the risk of amplifying noise.
[16] From this synthetic example, S 1700 P arrives $90 s after the P wave. S 1700 P travels along a deeper ray path (Figure 1 ) so that its slowness is $À0.5 s deg À1 relative to the P wave slowness. As no 3-D topography is present in this Earth model, S 1700 P arrives along the great circle path. The azimuth versus slowness plots (C and D) can detect signals generated at interfaces dipping as steeply as 30° [ Castle and Creager, 1998 ].
[17] These synthetic seismograms model the S 1700 P phase generated by a 2% V s change, including attenuation. S 1700 P is easily seen in both the vespegram and in the backazimuth/slowness plot (Figure 3 ), suggesting that a 2% V s The radiation pattern ratio column is the ratio of the ground motion at the earthquake.
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change should be visible in the data. Complete synthetics show that vespegrams can detect S-to-P conversions off of the 660-km discontinuity with a ÁV s as small as 1% [Castle and Creager, 1997] . [Niu and Kawakatsu, 1997] use data from California seismic arrays to detect discontinuities near 1000 km with ÁV s as low as 0.5%. Obviously, as modeled in our synthetics, the S-to-P conversions that occur at greater depth encounter more attenuation along the longer S leg. Additionally, van der Lee et al. [1994] and Castle and Creager [2000] show that discontinuity topography can both magnify and reduce seismic amplitudes, depending critically on the curvature of the seismic interface. We examined data from many earthquakes to reduce the likelihood that interface curvature affected all of our results.
Results
[18] We have examined PNSN records of deep earthquakes for signs of S-to-P conversions S X P at structures between 800 and 2000 km depth. Data from other dense networks exist, for instance in Japan, but for this study we chose PNSN because it is a large aperture (roughly 1000 km north-south), dense network (over 140 stations) that has been operating since the early 1980s and the data are easily available from the Incorporated Research Institutions for Seismology Data Management Center (IRIS DMC). From the [Engdahl et al., 1998 ] hypocenter catalog, we chose earthquakes with m b ! 5.5, at distances between 55°and 90°, and at depths !500 km. For smaller distances the P and S waves do not reach 1700 km depth so that reflected waves can be used [Castle and van der Hilst, 2000 , also manuscript in preparation, 2002] but not S X P. At depths less than 500 km, the pP phase arrives earlier than an S-to-P conversion at 1700 km and the pP coda can mask later arrivals. The search for deeper structures also requires a well recorded P wave and a recorded time window of at least 120 s. The 46 earthquakes which meet these requirements lie in four regions: the Marianas, the northwest Pacific, South America, and Tonga/Fiji (Table 1 and Figure 4 ).
Marianas
[19] The three events in the northern Marianas region (Table 1 , earthquakes 1, 2, and 3, Figure 5 ) all show an arrival at $85 s, near the theoretical time of S 1700 P but at a different slowness and back-azimuth than predicted for an Sto-P conversion off of a horizontal structure at 1700 km. Explanations for these arrivals are either P-to-P reflections off a dipping structure in the upper mantle [Wicks and Weber, 1996] or S-to-P conversions off either a point scatterer [Kaneshima and Helffrich, 1998 ] or a dipping surface [Kaneshima and Helffrich, 1999] in the lower mantle. That the phase arrives earlier from deeper earthquakes than from shallower earthquakes argues that it is an S-to-P conversion off of a structure beneath the earthquakes [Kaneshima and Helffrich, 1998] . That the signal is seen from earthquakes in several locations in the northern Marianas region [Kaneshima and Helffrich, 1999] and that we also observe the phase in records of shallow earthquakes in the middle and southern Marianas regions (not shown) suggests that the structure is not a point source but rather a dipping structure at depths ranging from 1500 to 1800 km. That the structure is nonhorizontal also explains the observed variations in slowness and back-azimuth. Finally, the scatterer location lies within a broad fast region in S-wave tomographic models [Grand et al., 1997] , somewhat suggestive of a connection between the scatterer and subducted material.
[20] In addition to the S 1700 P phase, arrivals exist at $20 s (earthquakes 1 and 2), 30 s (event 1), and 55 s (event 3). The energy at 55 s in earthquake 3 is well constrained in both time and slowness and is most likely s 420 P. The arrivals at 20 s may be S 800 P; however, the arrival time is earlier for the shallower earthquake (event 2), implying that arrival is an upgoing phase such as s 550 P or p 500 P. The arrival at 30 s in earthquake 1 could be p 420 P. Arrivals at 42 s and 48 s are likely s 420 P and S 1200 P. Earthquake 3 shows signs of S 1250 P and S 1550 P. These phases are difficult to interpret due to their inconsistent observation and could be the result of an aftershock.
Northwest Pacific
[21] Seven earthquakes in the northwest Pacific were deeper than 500 km and well recorded at PNSN ( Figure  6 ). Earthquakes 4, 8, and 9 all show energy arriving at the slowness and time expected for S 1200 P. However, the other earthquakes show no signs of a horizontal 1200-km discontinuity. An arrival near 30 s in earthquake 4 may be p 390 P. Other arrivals in earthquake 4 near 20 s could be either upgoing reflected phases or downgoing converted phases. Because they are not seen in other events we do not interpret them.
[22] Energy that arrives along azimuths off the great circle path between earthquake and receiver will not appear in the vespegrams but may be imaged in the back-azimuth versus slowness plots. Searching through these plots, earthquakes 4 and 7 show energy arriving off the great path at a Figure 4 . A map of the study regions. Crosses mark earthquake locations; red circles mark hypothetical S-to-P conversion locations at 1700 km depth; green triangles mark station locations in the PNSN; and blue lines mark plate boundaries.
small slowness in the time window expected for an S-to-P conversion at depths between 1600 and 1900 km. This observation is not repeated in data from other earthquakes. In fact, recordings of earthquakes 5, 6, 8, 9, and 10 suggest that the depth interval 1600 km to 2000 km is largely devoid of structure in the northwest Pacific.
South America
[23] Earthquakes 11 -22 occurred beneath South America (Figure 7) . Earthquakes 16 and 20 show several arrivals but both earthquakes had long solar time functions which make signal identification difficult (e.g., the two pulses in the first few seconds of earthquake 16). Earthquake 20 is, in fact, the large, deep Bolivian earthquake that occurred in June 1996, and lasted almost 1 min. The distinct arrival at $80 s in earthquake 11 could be S X P off of a dipping surface at 1500 km. Other possible signatures in earthquake 11 include p 300 P (30 s) and s 450 P (20 s). Earthquake 17 includes a potential S 1300 P (20 s). Earthquakes 12 and 18 show weak, but coherent energy arriving along non-great circle paths that could be generated at structures between 1600 and 1900 km depth. Unfortunately, the difference in slowness between upgoing and downgoing phases is very small at 90°distance such that these phases could also be reflected upgoing energy. However, earthquakes 13, 14, 15, 17, 19, 21 , and 22 all show no energy arriving in the 1600 km to 2000 km time range.
Tonga/Fiji
[24] With 24 well-recorded, deep earthquakes we have the most data from the Tonga/Fiji region (Figures 8 and 9 ). Several recordings show energy in the vespegrams: earthquakes 24, 29, 31, 33, 34, and 37 and possibly earthquakes 28 and 32. Earthquakes 24, 29, 31, 32, and 34 all shows signs of the p 410 P phase and questionably a s 410 P in earthquake 31. Earthquakes 29 and 33 both have a S 1300 P arrival while earthquakes 28 and 37 may have S 1500 P arrivals. Coherent arrivals exist along non-great circle paths at S 1600 P to S 1900 P times for earthquakes 27, 29, 31, and possibly 37 at slownesses less than P and for earthquakes 32, 33, 34, 45, and possibly earthquake 26 at slownesses greater than P.
[25] More striking than the sporadically occurring arrivals is the number of Tonga/Fiji earthquakes that show no later arrivals, even at this extreme amplification. In fact, the Figure 5 . Vespegrams and back-azimuth/slowness plots for Marianas events. The vespegrams plot the slowness and time of energy arriving at one back-azimuth (the great circle path), while the back-azimuth/ slowness plots plot the back-azimuth and slowness of energy arriving at the predicted P time (top) and S X P time (bottom). For other symbols, see caption of Figure 3 . majority of Tonga/Fiji earthquakes (events 23, 25, 28, 30, 35, 36, 38, 39, 40, 41, 42, 43, 44, and 46) show no signs of later arrivals generated at depths between 1600-2000 km depth. For example, earthquake 41 produced records that, even with significant amplification, do not reveal s 410 P, p 410 P, or any downgoing S-to-P conversions. Such observations are difficult to reconcile with a global seismic discontinuity or thermal boundary layer in the depth range 800 to 2000 km.
Discussion
[26] We found several ''410-km'' arrivals (s 410 P and p 410 P), one possible S 800 P, one possible S 1200 P, two possible S 1300 P, and three possible S 1500 P. We confirmed previous observations of S 1600 P in the Marianas regions. Outside of Marianas, 14 of 43 earthquakes showed possible signs of S-to-P conversions in the 1600 -1900 km depth range, but not all of this evidence is unequivocal. In well studied regions such as Izu-Bonin and Tonga/Fiji, S 660 P can be seen over 80% of the time [e.g., Wicks and Richards, 1993; Niu and Kawakatsu, 1995; Castle and Creager, 1998 ]. The S 660 P is not observed in the data considered here because the earthquakes are so deep that little time separation occurs between the P wave and S 660 P. A small percentage of the records processed in this study show signals reflected off the underside of the 410-km discontinuity. Our difficulty in imaging reflected p 410 P is consistent with the difficulties reported in previous detailed studies of the 410-km discontinuity [Collier and Helffrich, 1997] .
[27] A global discontinuity at 920 km was proposed based on high quality observations sampling beneath Indonesia [Kawakatsu and Niu, 1994] and additional observations in other subduction zones [Niu and Kawakatsu, 1997] . While we observe occasional signals that could be attributed to a discontinuity near 1000km, we do not find convincing evidence in the regions studied here. Thus, we feel the 920-km discontinuity should be interpreted either as a structure local to the Indonesian subduction complex or a global discontinuity with either a variable transition thickness or ÁV s .
[28] Data from Marianas earthquakes show signs of a deep structure in the middle mantle. However, earthquakes from other regions do not consistently show arrivals from this deep structure. In fact, the lower mantle from 800 to 2000 km depth appears to be one of the smoother areas in the mantle, arguing against a mineralogical phase change or compositional boundary in this depth range below the convergent margins studied here.
[29] Can we conclude from this that no deep compositionally distinct and geochemically enriched reservoir exist? Three questions arise: First, could the interface between chemical reservoirs be smooth and thus undetectable by short period data? Second, could the wave speed change at the interface be too small to detect? Third, could the morphology of the deep layer prevent detection by our method and data coverage?
Sharpness of an Interface
[30] How abruptly do we expect the material properties to change (i.e., the sharpness of the discontinuity) at the transition between two chemical reservoirs? Attempting to explain the observed sharpness of the 660-km discontinuity, Lees et al. [1983] stated that an interface between compositionally distinct reservoirs would be extremely sharp, with most changes occurring over less than 5 km. Unless a gradient can somehow be sustained dynamically with an equilibrium between replenishment and erosion, a more gradual transition from one reservoir into another would allow more entrainment of the two reservoirs into each other, providing less resistance to mixing and calling into question the long term stability of the layers. Reservoir stability and resistance to entrainment comes either from the inherent rheological properties of blobs [Becker et al., 1999] or from a density increase in a lower layer which dynamically resists flow to shallower depths [Sleep, 1988; Tackley, 1998; Kellogg et al., 1999a Kellogg et al., , 1999b Davaille, 1999] . However, as the density contrast increases, the dynamic topography on the boundary decreases, which should increase the seismic visibility of the boundary in global stacks. Global stacks of seismic data do not reveal signals from a discontinuity in this depth range. Thus, while an increase in topography on the boundary will decrease its visibility, the increase in topography also implies a smaller density increase and therefore, problematically, less resistance to mixing.
[31] At the seismic frequencies used here, synthetics show that a smooth but abrupt velocity change with a transition width greater than 20 km passes largely undetected. We did identify sharp interfaces, which we define here as a boundary for which a significant part of the wave speed change occurs over less than 20 km, in the depth range 800-2000 km, but these signals were localized and infrequent.
Wave Speed Change at a Boundary
[32] An enriched lower layer with a sharp but seismically invisible interface could exist if the wave speed change across the boundary is small. If this is the case, then our observations suggest that the shear wave contrast at the boundary would be less than the detection level in all areas except the Marianas. The model proposed by Kellogg et al. [1999a] also implies that slab debris can accumulate atop the deep layer, but, again with the possible exception of the Marianas, our data do not provide evidence for this.
[33] Discussions of the chemical difference between the different reservoirs have revolved on enrichment in either iron or silicon, or both. Iron enrichment primarily increases the density, which decreases the wave speeds, while a silicon enrichment mainly affects the perovskite/magnesiowüstite partitioning, increasing the amount of perovskite and increasing velocities [Kellogg et al., 1999a] .
[34] Tomographic images of slabs reveal sheet-like planar features descending from subduction zones to the base of the mantle. However images of fast slab-like anomalies are least apparent within the depth range 1700 -2200 km, even in well resolved regions [e.g., van der Hilst et al., 1997; van der Hilst and Kárason, 1999; Kárason and van der Hilst, 2001] , possibly because wave speeds may be less sensitive to temperature in this depth range. An iron enrichment in the ambient mantle near 1700 km depth would decrease wave speeds in the lower layer and thus increase the wave speed contrast between a descending slab and the surrounding mantle. These observations in conjunction with the results of this study suggest that a lower layer must be enriched in both iron and silicon: enriched in iron to increase its density, providing long term stability, and enriched in silicon to create a smaller velocity change, preventing detection by scattered waves, and reducing the velocity contrast between slabs and lower mantle.
Morphology of the Interface
[35] An unfavorable orientation (dip >30°) of the interface would make it harder to detect even when marked by a sharp change in properties [Castle and Creager, 1998 ]. Furthermore, an interface at a depth greater than 2000 km would remain undetected with the approach used here. We have studied mantle regions beneath downwellings where some numerical and analog modeling of chemically distinct reservoirs has shown that a compositional boundary would be depressed and prone to large topography [Davaille, 1999] . The topography would limit our detection capability and, depending on the ''ambient'' depth of the interface, the boundary could be depressed out of our depth detection limit.
Concluding Remarks
[36] In only one of the four regions that we investigated did we find convincing evidence for structure between 800 and 2000 km depth. From this we conclude that it is unlikely that a global interface exists between 800 and 2000 km depth that is sharp (<20 km), subhorizontal (slope of <30°), and associated with a large wave speed contrast (>2%). This result is in agreement with that of [Vidale et al., 2001] .
[37] A lower layer of enriched material could extend into this depth range if the boundary between the depleted and enriched layers is either a diffuse boundary or has a small wave speed change. A convecting mantle most likely causes mixing across a diffuse boundary, which would eliminate chemical separation between the layers, unless a gradient in material properties can be sustained dynamically [Albarède and van der Hilst, 2002] . Preliminary calculations [Kellogg et al., 1999a] suggest enrichment in both iron and silicon could render the compositionally distinct domains to be almost seismically invisible. Second, on the basis of the model proposed by [Kellogg et al., 1999a] , one potential scenario is that an anomalous deep mantle layer, if it exists, is depressed or even absent beneath major downwellings. However, limiting the volume containing the radiogenically enriched material too much would potentially raise the layer temperature near either its solidus or its destabilizing temperature. Unfortunately, owing to the geographic distribution of sources and dense receiver arrays only regions underneath convergent margins have been investigated with our approach or that of [Vidale et al., 2001] , while large regions of the mantle have remained unexplored by such techniques. Data coverage poses limitations to the application of this method and we strongly prod seismic data centers to make all of their short-period data as easily available to the seismic community as the PNSN data are available through IRIS.
